[1] The Earth's Dole effect describes the isotopic 18 O/ 16 O-enrichment of atmospheric oxygen with respect to ocean water, amounting under today's conditions to 23.5%. We have developed a model of the Earth's Dole effect by combining the results of threedimensional models of the oceanic and terrestrial carbon and oxygen cycles with results of atmospheric general circulation models (AGCMs) with built-in water isotope diagnostics. We obtain a range from 22.4% to 23.3% for the isotopic enrichment of atmospheric oxygen. We estimate a stronger contribution to the global Dole effect by the terrestrial relative to the marine biosphere in contrast to previous studies. This is primarily caused by a modeled high leaf water enrichment of 5-6%. Leaf water enrichment rises by $1% to 6-7% when we use it to fit the observed 23.5% of the global Dole effect. The present model is designed to be utilized in forthcoming paleo studies allowing a quantitative analysis of long-term observations from polar ice cores.
Introduction
[2] The Dole effect (DE in the following), i.e., the isotopic 18 O/ 16 O-enrichment of atmospheric oxygen with respect to ocean water, is affected by a number of different processes in the global cycle of molecular oxygen and of water: strength and type of terrestrial and marine oxygen fluxes, evapotranspiration, and humidity over the continents [Bender et al., 1994b] . Modeling of the DE is therefore a valuable test case of Earth system models which integrate biological and climatic components. Furthermore, variations of the DE in the Quaternary have large implications for the interpretation and dating of polar ice cores [Bender et al., 1994a [Bender et al., , 1994b Jouzel et al., 2002; Shackleton, 2000] . A prognostic model of the DE therefore will help to identify the relevant forcing factors affecting the DE in the past.
[3] Measurements of the isotopic composition of a number of bioactive atmospheric gases were used to better separate and quantify the natural and anthropogenic perturbation of the global cycles of carbon and oxygen [Keeling, 1960 [Keeling, , 1995 . Because of the integrating tendency of the atmosphere, this approach avoids the problem of deducing general information from spatially and temporally highly variable local measurements. For example, the carbon isotopic composition of CO2 has been used to separate marine and terrestrial sources [Ciais et al., 1995] O 2 , to separate the gross exchange fluxes of terrestrial ecosystems [Ciais et al., 1997a [Ciais et al., , 1997b Farquhar et al., 1993; Peylin et al., 1999] O Atm , has up to now primarily been used in paleoclimatic studies [Bender et al., 1994a [Bender et al., , 1994b Sowers et al., 1991] . The long atmospheric residence time of oxygen of approximately 1200 years [Bender et al., 1994b] , and the fact that within today's measuring precision no interhemispheric gradient has been detected, make the d
18
O Atm signal an interesting tool to synchronize Northern and Southern Hemispheric ice core records. Similar to the oxygen isotopic tracer of CO 2 , d
18 O Atm is strongly affected by photosynthesis and respiration in the carbon/oxygen cycle and by the hydrological cycle. The enrichment of today's atmospheric oxygen of 23.5% Vienna-Standard Mean Ocean Water (V-SMOW) [see Craig, 1961] relative to its largest source, the global oceans, was called the Dole effect [Dole, 1935; Morita and Titani, 1936] . Similar to the isotopic tracers of carbon dioxide ( 13 CO 2 , C 18 O 16 O), spatial and temporal variations of d
18 O Atm must exist, however, because of the large atmospheric abundance of oxygen, these are expected to be very small and have not been observed in modern air samples until now. It will need at least 1 order of magnitude higher precision of modern mass spectrometric techniques for measuring such variations. However, air bubbles enclosed in ice samples from polar ice cores exhibit deviations from the modern value of up to 0.7% [Bender et al., 1994b; Malaize et al., 1999; Sowers et al., 1991] , demonstrating drastic changes in the carbon or/and the hydrological cycle in the past.
[4] We present here a prognostic model of the DE based on the output of spatially and temporally resolved biochemical models of the O 2 cycle. These models include built-in diagnostic modules for calculating the various isotope fractionations as a function of local climate conditions. Former highly parameterized modeling efforts to understand the DE and its variations in the past focused on the sensitivity of the calculation to the various assumptions applied [Leuenberger, 1997] . In contrast, the model presented here provides a process-based approach for inferring the DE. It estimates today's and past DE from first principles solely as a consequence of the corresponding climate conditions.
[5] Section 2 reviews the present understanding of the processes controlling the DE. In section 3 we present the model components and discuss in detail the methods utilized to combine model results and to estimate the DE in this study. We next focus in section 4 on the spatial signature of the result and the uncertainties in the model. Finally, we conclude with a discussion of possible applications of the model to learn about long-term changes of the DE during the Pleistocene and what follows in the future.
Dole Effect
[6] Bender et al. [1994b] reviewed the progress that has been made in the last 15 years to better estimate the various fractionation processes of the oxygen isotopes and calculated a global balance of the different sources and sinks of 18 O of atmospheric oxygen. Figure 1 shows in a schematic way the results of Bender et al. [1994b] based on their estimated O 2 fluxes and fractionation coefficients (see also [Kroopnick, 1987] . As a consequence, the contribution of mineralization in the deep ocean to the atmospheric DE decreases its value, with an asymptotic value of 12% [Bender et al., 1994b] . The larger part (about 95%) of oceanic respiration, however, takes place in the euphotic layer where dissolved O 2 has a residence time of a few weeks and therefore is in close isotopic equilibrium with the atmosphere. Here the respirative fractionation was estimated, similar to the terrestrial environment, to be 20%. Summarizing the role of respiration in controlling the DE, Bender et al. concluded that land or ocean respiration alone cannot explain the observed high value of 23.5% (respiration effects sum up to 18.8%) and that in the terrestrial and the marine biosphere, respirative fractionation is about equally strong.
[7] In vitro experiments of Guy et al. [1993] demonstrated that during the photosynthetic production of O 2 , there is no additional fractionation relative to the water from which the oxygen isotopes originate. For the marine domain, therefore, photosynthesis is a source of O 2 being in equilibrium with the isotopic composition of water in the euphotic zone. From early water isotope measurements, it has long been known that ocean surface water varies typically between À1.5% in polar regions to + 0.5% in the tropics [Craig and Gordon, 1965; Schmidt, 1999] . The area-weighted global average is close to 0%, which is thus a good estimate for the isotopic composition of the oxygen released during photosynthetic activity of plankton. In the terrestrial environment, the water surrounding the biochemical diagenesis of oxygen is strongly enriched by evapotranspiration from leaves. Plant transpiration correlates with photosynthetic O 2 emissions to the atmosphere. Water taken up by the roots is transpired through the leaves. During evaporation and diffusion through the stomata and through the leaf boundary layer, an enrichment of the remaining leaf water takes place. According to different studies, this enrichment amounts to a global production-weighted average of between +4 -+8% [Dongmann, 1974; Farquhar et al., 1993] . This enrichment of leaf water depends on a number of factors, some of them are ''external'' to the plants. For example, the rainout of air masses affects the isotopic composition of the soil water taken up by the plants, or relative humidity close to the stomata controls the balance between evaporation and diffusion out of the stomata. It also depends on ''internal'' processes, such as the mixing between depleted sapwater and enriched evaporative water within the leaves. The terrestrial 18 O 16 O flux therefore is strongly influenced both by the external boundary condition imposed by water isotope physics and by internal processes affecting the turnover of water in leaves. Anthropogenic combustion processes, accompanied by fractionation as well, were not considered assuming that today's DE has not yet been altered by them to measurable extent. The budget presented here therefore primarily reflects pre-industrial conditions.
[8] To calculate the DE, Bender et al. [1994b] sum up the different fractionation factors discussed above weighted with the respective oxygen fluxes. Owing to the considerable (more than 4%) difference between the oceanic and the terrestrial contribution to the global DE, the relation between the respective production rates (annual turnover of moles of O 2 ), P O for the ocean and P T for the terrestrial environment, is crucial in the calculation. It was estimated to P O /P T $ 1/2. With these numbers the best guess of the global DE amounts to 20.4%, considerably underestimating the observed value.
This gave rise to speculations that some important terms in the calculation might have been neglected, such as fractionation effects during the diffusion of oxygen in soils. However, the estimation is also accompanied by considerable uncertainties, the largest being the global isotopic composition of leaf water and the relative oxygen turnover rates in the terrestrial and the marine domain.
Model Construction
[9] The overall DE results (in the context of the following formulas we use the symbol D for the magnitude of the DE) from the combination of ocean processes of isotopic O 2 enrichment termed DO or ''ocean Dole effect'' and of the terrestrial equivalent DT, termed the ''terrestrial Dole effect,''
with P O and P T being the O 2 fluxes of gross oceanic and terrestrial productivity, respectively, and the factor F = P O / Figure 1 . The global balance of the Dole effect according to Bender et al. [1994b] . Most notations correspond to those used in Tables 1 and 2 ; however, some numeric values are slightly different in this study (see citations in Table 2 ). Here e RespOcean and e DeepSea are the estimated ocean fractionation coefficients of Bender et al. [1994b] . They do not directly correspond to quantities in the study here since the ocean model calculates these quantities in an integrated way. (P O + P T ). The term e ST is a small fractionation of 0.4% [Bender et al., 1994b] [10] We estimate the terrestrial and the oceanic DE, D T , and D O , and the corresponding O 2 production rates, P O and P T , using a hierarchy of different models (Figure 2 ). The Figure 2 . Information flux diagram for calculating the Dole effect. The terrestrial and the marine DE are estimated separately. For the terrestrial DE, a combination of two different AGCMs, GISS and ECHAM, and two different TBMs, SILVAN and SLAVE, are used. To calculate the modern O 2 Fluxes, both TBMs are forced with observed climatologies. In-line water isotope modules included in the two AGCMs infer the isotopic composition of precipitation and groundwater. The text discusses the results of the following model combinations: GISS + SLAVE, ECHAM + SLAVE and ECHAM + SILVAN. For the ocean part of the oxygen cycle, the ocean carbon cycle model HAMOCC3.1 is used, which calculates both the marine production, i.e., marine O 2 fluxes, and the isotopic equilibrium value in the atmosphere, i.e., the marine DE. The results of all three types of models are finally combined to calculate the Earth's Dole effect.
estimate of D T and P T depends on the global distribution of d
18
O LEAF and of the O 2 biotic exchange due to photosynthesis, photorespiration, and autotrophic and heterotrophic respiration. We deduce the modern d
O patterns in meteoric water from simulations with atmospheric general circulation models (AGCMs) with built-in modules for the computation of water isotopes. We have chosen observed climatologies, that is, temperature, precipitation, and cloud cover, in order to force the terrestrial biochemical models (TBMs).
Terrestrial Biosphere 3.1.1. Isotopic Composition of Leaf Water
[11] Two different AGCMs, the model of the Goddard Institute for Space Studies, GISS [Hansen et al., 1983] , and the model of the Max-Planck Institute for Meteorology, ECHAM3 [Modellbetreuungsgruppe, 1994] , were integrated under modern climate boundary conditions. Both models simulate the water isotopes in vapor and precipitation by including specific fractionation processes between the various phases of water [Hoffmann et al., 2000 [Hoffmann et al., , 1998 Jouzel et al., 1991 Jouzel et al., , 1987 . The results of these simulations were extensively tested and validated against observations of water isotopes in precipitation which have been performed globally on a monthly basis by the International Atomic Energy Agency since more than 30 years [International Atomic Energy Agency (IAEA), 1992; Rozanski et al., 1992] . In summary, the modeled isotopic distribution has been found to be in excellent agreement with the observations, at least on the monthly to annual timescale considered here. 
Here h denotes the relative humidity near the plant stomata, d O content of vapor in the first model layer and of groundwater, respectively, e EQUIL describes the isotopic fractionation under equilibrium conditions ($10%, Table 2) , and e KIN describes the strong kinetic fractionation during diffusive exchange of water molecules out of the stomata ($À26%, 18 O LEAF . Therefore, in this calculation, the specified relative humidity close to the plant stomata during daytime photosynthesis is crucial.
[12] Unfortunately, the employed monthly fields of relative humidity of both AGCMs are neither spatially nor temporally representative for the humidity within the canopy. First, the relative humidity is a prognostic variable calculated in the lowermost AGCM layer. This is at a height of about 30 m in the ECHAM model and at about 150 m in the GISS model. However, the relevant humidity in the Craig and Gordon [1965] formula (equation (2)) is the humidity at the leaf surface, which is normally higher than the humidity within the canopy or in the overlying free atmosphere. Second, and probably most important, over a daily cycle the relative humidity in the canopy undergoes large variations as does the isotopic composition of leaf water [Bariac et al., 1994; Förstel, 1978] . In different forest types, daily amplitudes of d Moreover, the isotopic composition of sap water shows a large daily amplitude of about 2%. This is most probably due to an increasing pumping depth of the plant's root system during daytime when the demand of water for transpiration becomes larger [Bariac et al., 1994] . Therefore d 18 O LEAF (and thus the relative humidity) relevant for the O 2 fluxes has to be estimated during the photosynthetic activity of plants. The largest activity is typically observed close to sunlight maximum. However, physiological adaptations of plants avoiding large moisture losses at noon or climate conditions such as cloud coverage make the diurnal productivity cycle more complicate than a linear function of net incoming radiation [Kim and Verma, 1991] . A mechanistically correct computation of the isotopic composition of leaf water therefore would need a synchronous and detailed simulation of all these processes, which was not possible here. It was these uncertainties that lead Bender et al.
[1994b] to conclude ''that the biggest current uncertainty lies in the d 18 O of leaf water.'' Nevertheless, it seems reasonable to argue that the effective relative humidity relevant for the 18 O signal in the emitted O 2 must be considerably biased toward midday values which are typically lower than the monthly mean average.
[13] We try to correct here for the leaf temperature effect and the ignored daily cycle in a simple but consistent way. The monthly mean temperature of the AGCMs was corrected by an estimate of the daily temperature range (maximal-minimal temperature). Furthermore, we take into account the leaf temperature effect according to Lloyd and Farquhar [1994] . This procedure diminishes the calculated relative humidity by providing an effective leaf surface humidity and enhances the isotopic enrichment in the leaves. In detail, h is corrected by keeping the specific moisture content of the air constant and by modifying the corresponding temperature. The temperature, T, is enhanced proportional to the daily temperature range, i.e., T Max À T Min , by a factor g, that is
Leaf temperature is finally augmented by 5% according to Lloyd and Farquhar [1994] , T Leaf = 1.05 Â T New . The relative humidity near the leaves and the isotopic enrichment of the leaf water is then calculated using this corrected air temperature T New [Seibt, 1997] . In the three model combinations analyzed in this study (ECHAM/SLAVE, GISS/SLAVE, ECHAM/SILVAN), the globally averaged leaf water value, dLeaf, varied finally between 6.1 and 6.8% (before correction from 5.3% to 5.9%). The factor g represents the only real tuning parameter in our model of the DE. The value of g was determined by matching the present-day global DE, yielding optimal values between 0.05 and 0.14. This corresponds to a reduction of the effective relative humidity near the leaves of up to 15% compared to the monthly mean average computed by the AGCMs.
Oxygen Fluxes of the Terrestrial Biosphere
[14] We infer the biome distribution and the terrestrial O 2 fluxes of photosynthesis and total respiration from two global TBMs, SLAVE [Friedlingstein et al., 1992 [Friedlingstein et al., , 1995a [Friedlingstein et al., , 1995b and SILVAN [Kaduk, 1996; Kaduk and Heimann, 1996] . The biome distribution is predicted by a classification scheme being part of the SLAVE model and by the BIOME1 model for SILVAN. The respiratory uptake of O 2 discriminates against the heavier isotopomer 18 O
16
O in a different manner for (1) ecosystem respiration, R ECO , i.e., the sum of autotrophic and heterotrophic respiration, (cytochrome and alternative pathway), (2) photorespiration, R PHOTO , and (3) several other O 2 consuming reactions such as the Mehler reaction or chlororespiration, which we subsume under the Mehler reaction in a generic manner, R MEHLER . All three quantities are estimated separately. The terrestrial Dole effect D T is then calculated on the grid of the corresponding TBM on a monthly basis. This yields
The derivation of this formula is very similar to the computation of the steady state budget of other isotopic tracers (for example, for the 18 O in CO 2 of Ciais et al. [1997a] ).
[15] Assuming that the biosphere model is in a steady state, these respiratory fluxes are exactly balanced over a year by corresponding O 2 fluxes released during photosynthesis. Each of the oxygen consumption fluxes is affected by a specific, spatially and temporally constant fractionation, e ECO , e PHOTO , and e MEHLER . Here e ECO is estimated as a weighted mean of fractionation during the cytochrome and global mean ocean salinity PP marine primary productivity Rem organic material remineralized within the euphotic layer f-ratio, f = (PP-Rem)/PP f-ratio of exported organic material to primary productivity as defined by Eppley and Peterson [1979] the alternative pathway, and e MEHLER is chosen as the measured fractionation of the Mehler reaction (see Table 2 ). On top of that, O 2 in water is enriched by about 0.7 % with respect to air [Benson and Krause, 1984] so that the overall respiratory fractionation is reduced by this amount.
[16] The terrestrial O 2 production, P T , is isotopically tagged by the leaf water as it is produced during water splitting reactions during photosynthetic. For the sake of clarity, we distinguish the oxygen fluxes relevant in this study from the corresponding carbon fluxes by an index, O 2 , attached to the usual terms, that is GPP O2 (PHO O2 ) for the oxygen released during photosynthesis (photorespiration) and corresponding to the carbon Gross Primary Production, GPP. With this notation, we thus have P T = GPP O2 + PHO O2 + P Mehler . Both TBMs are using quite different methods for estimating P T , which are explained in detail as follows.
[17] 1. The SLAVE model uses the biome classification scheme following Olson et al. [1985] and aggregates the original 52 biomes of the Olson scheme to 9 biomes. The biomes grassland and savannah are recombined into C3 and C4 type grasses according to a CO 2 dependent threshold temperature criteria [Haxeltine and Prentice, 1996] . This separation is of particular importance because C4 grasses avoid the energetic disadvantages of photorespiration by a mechanism that concentrates CO 2 in specialized plant tissue. The SLAVE model first infers the net primary production (NPP) following a light use efficiency formulation [Field et al., 1995] . The assimilation rate, A, is calculated by means of a simple linear relationship from NPP using a biome dependent factor, j, which describes the proportion of A lost as plant respiration [Lloyd and Farquhar, 1994] : A = NPP/(1 À j). Subsequently, GPP is calculated assuming a fixed percentage of 15% of leaf respiration, R LEAF : GPP = A + R LEAF = 1.15 Â A. The percentage of R LEAF which denotes mitochondrial CO 2 release through the stomata is a very stable estimate obtained from mechanistic biosphere models [Farquhar et al., 1980] . In the next step, photorespiration is estimated as a fraction of the calculated GPP. According to Farquhar et al. [1980] the parameter x describes the molar relation of oxygenation, Vo, to carboxylation, Vc, of the primary carbon acceptor molecule ribulose bisphospate, RuBP, i.e., x = Vo/Vc. From the stoichiometry of the photorespirative reaction [von Caemmerer, 2000] , one knows that for each oxygenation the plant loses half a mole of CO 2 . Therefore, in terms of CO 2 fluxes, the gross primary production reads as
In terms of O 2 we have
This means that for each mole of photorespired CO 2 (0.5x). three moles of O 2 (1.5x) are involved: 2 moles for the oxidation of RuBP and 1 mole for the oxidation of Phosphoglycolate. The CO 2 compensation point, À*, is defined as the CO 2 concentration with as much carboxylation as oxygenation: x = 2 À*/Ci. In summary, the relation of GPP to GPP O2 then reads as
Following Lloyd and Farquhar [1994] , we estimate À* simply as À* = 2 Â T New where T New denotes the modified air temperature (see Table 2 [18] 2. The SILVAN model, the second biosphere model used in this study, is a mechanistic model based on our knowledge of the biochemistry of plants. It calculates photosynthetic fluxes (CO 2 , O 2 ) depending on monthly precipitation, temperature, and cloud coverage as external climate forcing (see Figure 2 ). Photorespiration is deduced from the calculated GPP in the same manner as for the SLAVE model. Most of the physiological parameters of the model depend on the corresponding biome type determined by the BIOME1 classification scheme [Prentice et al., 1992] . Again, the original 18 biomes of SILVAN have been aggregated here to the same 9 biome types mentioned above. The biosphere ecosystem respiration in both models is assumed to be in equilibrium with climate and therefore balances annual photosynthesis both in terms of CO 2 and O 2 fluxes for every grid cell. The TBMs are run with different observed climatologies from Shea [1986] and Cramer and Leemans [1991] , respectively. Basic construction and principles employed in both TBMs are fundamentally different. SLAVE is a heuristic model calculating the CO 2 fluxes based on empirical relationships. Conversely, SILVAN uses mechanistic formulations for inferring photosynthesis. We therefore believe that the two TBMs allow us to bracket the range of possible solutions for the DE through different patterns and strengths of the modeled O 2 fluxes.
Ocean
[19] In the early days of oceanic isotopic tracer studies the isotopic composition of dissolved oxygen has been discussed as a particularly interesting tracer of both marine productivity and oceanic circulation. It is the only tracer directly linked to the oceanic carbon cycle that reacts nonlinearly on production and remineralization, i.e., not according to the fixed proportions of the Redfield ratio. Therefore it was suggested to use this isotope signal to separate biological and transport processes in the deep ocean [Bender, 1990; Kroopnick, 1987] .
[20] In our approach to model the marine DE, we use the global ocean carbon cycle model HAMOCC3.1 [MaierReimer, 1993; Six and Maier-Reimer, 1996] . It transports various biochemical tracers in an offline mode using monthly transport fluxes of a 3D-ocean general circulation model . HAMOCC3.1 includes a plankton sub-model to estimate the net marine primary productiv-ity and oxygen consumption by heterotrophic respiration during remineralization. This plankton sub-model achieves a good representation of the fast biological overturning in the euphotic zone. It consists of five components: phytoplankton, zooplankton, detritus, dissolved organic carbon, and nutrients (PO 4 ). Inclusion of the plankton sub-model clearly improved the capacity of the model to simulate seasonal variations of pCO 2 and the corresponding O 2 fluxes. Radiative forcing at the ocean surface influencing the biological activity in the euphotic zone is taken from the ECHAM3 control simulation. We run HAMOCC3.1 in a reduced two and a half dimensional geometry, which allows us long-term integrations. The zonal resolution was changed to one Atlantic and one Pacific grid box by keeping a meridional resolution of 5 degrees and 11 layers in the vertical. An additional meridional mixing is parameterized to account for the zonal inhomogeneity of the 3D fluxes.
[21] Although the geometrical simplification of a two and a half dimensional ocean circulation does decrease the sensitivity of the model to non-zonal forcing mechanisms such as wind driven regional upwelling, the zonal version of the model simulates reasonably well the distribution of several oceanic tracers such as bomb C 14 and PO 4 * [Weber, 1996] . O are treated as independent geochemical tracers. A small temperature dependent fractionation of 0.7% takes place when atmospheric oxygen is dissolved into the sea [Benson and Krause, 1984] . The photosynthetic ocean source of O 2 matches isotopically the composition of surface waters d
18
O EUPH , which is itself regressed from the salinity field [Broecker, 1986; Duplessy et al., 1991] according to d
18 O OW = 0.5 Â (S À S GLOBAL ). S denotes local salinity and S GLOBAL denotes the global average of S. We will discuss the robustness of this assumption later.
[23] The respiratory sink of dissolved O 2 is represented in the model with a constant fractionation of 20% [Kiddon et al., 1993] . However, these authors pointed out the large uncertainties of this value. Even when restricting the analysis on the dominant marine respiring organisms (bacteria, microalgae, and zooplankton), they estimated an uncertainty of ±3% to the mean 20%. This value used in the study here is probably rather on the lower end of today's estimates for marine respiration. In a study restricted to the subarctic Pacific, for example, Quay et al. [1993] calculated a mean fractionation during respiration of 22% ± 6%.
Results

Terrestrial Environment
[24] The isotopic composition of leaf water deduced from the two AGCMs is shown in Figure 3 . In both graphs, d
18
O LEAF has been tuned to match the observed DE. Both models show a similar global distribution of d 18 O LEAF , which is mainly due to the similarity of their respective backgroundwater isotope fields (precipitation and groundwater). For example, they feature a strong latitudinal gradient in the Northern Hemisphere closely following the ''temperature effect'' of stable isotopes in precipitation [Dansgaard, 1964] . Over vegetated areas, lowest values are simulated over north-eastern Siberia d
18 O LEAF $ À16%) which results from very depleted surface waters on one hand and a relative humidity close to saturation on the other hand (see equation (2)). Very high values are reached in the subtropical dry belts of both hemispheres where productivity is low, however. The impact of these high values on the global DE remains therefore rather small. Over the tropical rain forests and seasonal forests of South America and Central Africa the models estimate a water isotopic depletion being more negative (between 5 and 10%) compared to the adjacent savannah and semi-desert dominated regions. The only larger difference between both models appears in southeast Asia where the GISS model simulates nearly all year long humid conditions with a more depleted composition of leaf water than ECHAM, which is characterized by a marked seasonality of both humidity and the water isotopes caused by a too strong monsoon circulation.
[25] The striking overall correspondence of both models is also demonstrated in Figure 4a showing the zonal means of d
O LEAF of the three analyzed model combinations. The maximal deviation between the zonal means amounts to 5-10% and is strongest in the subtropics where it is less relevant for the global DE. The differences between both TBMs (SLAVE/SILVAN) are apparently more significant. The global productivity of both models is quite similar (17.9 Pmol O 2 for SLAVE and 15.5 Pmol O 2 for SILVAN). However, the zonal distribution of the O 2 fluxes estimated by the SLAVE model (Figure 4b) shows a tropical production about twice as high as in northern midlatitudes. In contrast, the fluxes inferred by the SILVAN model are only about 40% stronger in the tropics than in midlatitudes. This has some consequences for the final latitudinal contribution to the DE (Figure 4c ). The ECHAM/SILVAN DE gives more weight to middle northern and southern latitudes relative to the tropics than the two SLAVE model combinations. A validation of these model results can only be achieved by future high precision measurements that possibly will allow estimating the latitudinal structure of the 18 O sources and sinks (for first results, see Seibt [2003] ).
[26] As explained previously, we have recombined the terrestrial oxygen fluxes (PMol) and the contribution to the DE (%) into nine different biome types (Figures 5a and 5b , respectively). The strongest difference between the heuristic model (SLAVE) and the mechanistic model (SILVAN) is the different contribution of evergreen forest relative to C4 grasses and tropical seasonal forest. The SILVAN model computes for all three biomes a nearly equal contribution to the global balance of O 2 and the DE. The SLAVE model, however, estimates that the tropical evergreen forests contributes about 40% stronger to both budgets than C4 grasses or seasonal forest. This difference is principally due to the differences in both TBM's biome classification scheme. It reflects largely the considerably higher fraction of grasslands in the biome distribution used in SILVAN which was predicted by the BIOME model compared to the SLAVE model. In both models, the biome type ''grasslands'' is then separated into C3 and C4 grasses according to a temperature criterion.
Marine Environment
[27] The model calculates an isotopic composition of the atmosphere in the ocean-only simulation and thus a marine 
18
O DISS values are not in agreement (both too large) with the observations in the Indo-Pacific [Kroopnick, 1987] . This disagreement is caused by the phenomenon of nutrient trapping which exists to some extent in nature too but is often largely overestimated in ocean carbon cycle models [Maier-Reimer, 1993; Najjar, 1990; Six and Maier-Reimer, 1996] . It reflects a positive feedback mechanism between intense production induced by upwelling nutrient-rich abyssal waters and remineralization of organic matter in the tropical divergence zone. It is not clear if this chronic problem of ocean models is a result of an oversimplification of the ocean's biogeochemistry by neglecting longer-living carbon pools [Six and Maier-Reimer, 1996] or caused by problems in the circulation field [Aumont et al., 1999] . As in a previous study with the three-dimensional HAMOCC3, the model results generally agree well with the comparably sparse observations from the GEOSECS program [Kroopnick, 1987] [Kroopnick, 1987] relative to the atmospheric value of 23.5% is in the range between 1 and 6% (the model simulates 2 -4%). In the Pacific, which is characterized by considerably older water masses, d
18 O DISS vary between 4 and 8% (model: 4-12%).
[29] However, the ocean's overall DE is primarily determined by processes in the euphotic layer where most of the remineralization of organic material occurs. In fact, the more remineralization of organic material occurs in the euphotic layer, the closer the d 18 O DISS is to the respiratory (3) in the text; units are % per degree latitude; the latitudinal integral of the curves in Figure 4c gives the corresponding global terrestrial DE) again from the three model combinations.
limit of 20%. Conversely, the more oxygen is produced in excess to respiration in the upper 100 m, the closer d 18 O DISS is to d
O EUPH (i.e., nearly 0% for today's conditions).
[30] The relation between net primary production and remineralization within the euphotic layer is usually expressed by the f-ratio, f = (PP-Rem)/PP with PP as primary productivity and Rem as the part of PP which is already remineralized in the euphotic zone. HAMOCC3.1 simulates a global f-ratio of 0.2. This is in agreement with Eppley and Peterson [1979] , who estimated a global value of f = 0.1 À 0.2. However, we calculate a net primary productivity of 62.9 GtC/yr which is well above all estimates based on observations such as the one by Eppley and Peterson [1979] , who scaled up local observations (PP of about 19.1 -23.7 GtC/yr) or by Antoine et al. [1996] , who obtained a range of 36.5 -45.6 GtC/yr on the basis of satellite observations. Still, these estimates are affected by large uncertainties, and therefore we consider our simulated value in accordance with our present knowledge of marine productivity. The simulated F ratio varies slightly both regionally (f = 0.19-0.21) and seasonally (f = 0.17-0.23).
[31] Our hypothesis that the relation between PP and Rem, thus the f-ratio, controls the oceanic Dole effect was confirmed by a sensitivity experiment. We reduced artificially the export of organic material out of the euphotic layer and thus made more organic material available for respiration. This changing in the parameterization diminished the f-ratio to 0.1 and therefore gave more weight to the respiration fractionation of 20%. The oceanic DE rises as expected in this experiment to 18.27%.
[32] In order to better assess the uncertainties in our ocean model, we now focus on two potentially important model assumptions. First, we assume that there is no planktonic autorespiration, a process that delivers energy for maintaining the biochemical reactions in terrestrial plants. Though it is sensible to assume that planktonic autorespiration is generally smaller than its analogue on land, no quantitative estimates of this process exist. In a sensitivity experiment, Table 1. we doubled the oceanic O 2 flux by a part which is directly respired in the euphotic zone (hence the autorespiration would correspond to a fraction of 50% of the total respiration). This changed the global F value from 0.20 to 0.10 and enhanced the Dole effect by about 2%.
[33] Second, our model assumes that d
O EUPH follows salinity in the entire ocean by a linear relationship of 0.5%/psu. There are, indeed, considerable regional deviations from this global relationship. In the tropics, for example, the 18 O-salinity relation is typically more flat, i.e., on the order of 0.3%/psu, whereas, in polar regions, it is steeper mainly due to isotopic effects induced during sea ice formation. However, a sensitivity study in which we prescribed the isotopic composition of the entire ocean to 0% demonstrated only a weak response of the DE (<0.1%) to the detailed geographical distribution of the surface isotope signal d 18 O EUPH . This holds principally since the production weighted mean isotopic composition of the ocean's surface waters is in both cases approximately 0%. Strong marine productivity in high latitudes with isotopically more depleted surface waters are nearly balanced by an equally strong production in the upwelling zones of low latitudes with more enriched surface waters.
Discussion and Perspectives
[34] In our model construction, we match the observed DE by tuning the least known quantity, i.e., the isotopic composition of leaf water, d
18 O LEAF . Even without any tuning, our process-based results (between 22.4% and 23.3%) are already close to the observations. Nevertheless, this cannot be taken as an argument against possible additional fractionation effects such as by diffusion of oxygen molecules in soils [Angert et al., 2001 ], which have not been taken into account in this study.
[35] A regional comparison between our estimates of d 18 O LEAF and the rare observations is unfortunately not feasible. Differences between various plant species within the same biome type are quite large [Wang and Yakir, 1995] and make it necessary to compute d 18 O LEAF for each biome from each of the composing plant species.
[ O budget by assuming a global leaf water enrichment of 4.4% compared to the value of 6.1 -6.8% as deduced here. However, there are some significant differences between the geochemical cycles of O 2 and CO 2 . First, in the presence of the catalyzing enzyme carbonic anhydrase, ubiquitous in plant tissue, carbon dioxide equilibrates isotopically in a very short time with the surrounding water. Since about two thirds of the CO 2 entering the stomata is directly rediffused, a large part of the isotopically affected CO 2 does not proceed to the chloroplasts where the uptake of CO 2 takes place and finally the O 2 molecules are emitted by the photosynthetic reaction. The possible isotopic differences between leaf water at the surface of the stomata, controlling the isotopic composition of CO 2 , and inner cellular chloroplast water, relevant for the isotopic composition of O 2 , does however enlarge even the problem of constructing a common budget of d 18 O of CO 2 and O 2 . The water directly exposed to the evaporation into the stomata is isotopically more enriched than the chloroplast water. The spatial separation of CO 2 and O 2 equilibration and the isotopic difference of water at both locations in plant tissue might help to reconcile both budgets. A further possibility for a higher d
18
O LEAF tagging the produced O 2 compared to the CO 2 was discussed by Gillon and Yakir [2001] . The effective activity of the carbonic anhydrase shows strong plant type dependent variability. In particular, in C4 plants, the activity of the carbonic anhydrase enzyme is nearly 60% lower than in equivalent C3 plants. On the basis of in situ measurements, the authors estimated an effective global equilibration for the CO 2 of only 80%. Second, CO 2 produced by heterotrophic respiration diffuses through the soil column and equilibrates all the time with the surrounding soil water. According to the estimates of Miller et al. [1999] and Riley et al. [2002] , the emitted CO 2 is in equilibrium with soil water below 15 cm. A lower isotopic composition of soil water than calculated by Ciais et al. [1997a] and Farquhar et al. [1993] , and an increased isotopic composition of leaf water could bring both isotope budgets into agreement (M. Bender, cited according to Keeling [1995] ). A mechanistic description of such processes in soils, however, involves a detailed description of evaporation from soils affecting the d
O gradient of water in the soil and of water uptake in various depths by plant roots controlling the isotopic composition of leaf water. Such an isotope soil hydrology is neither built into the GISS nor into the ECHAM model, which both describe soil processes by a simple one-layer bucket model.
[37] Comparing our estimates of global terrestrial and marine O 2 fluxes and corresponding DEs with the estimates of Bender et al. [1994b] reveals some interesting features. Our model calculation estimates the annual production of O 2 in both environments smaller than in Bender et al.'s approach (P O is about 40% and P T about 15% smaller than in the budget of Bender et al. [1994b] ) resulting in a relation between the marine and the terrestrial productivity of about one half relative to about two thirds in the work of Bender et al. [1994b] . Consequently, there is a slightly different contribution to the overall DE by both biospheres in the two approaches.
[38] The lower production rates of O 2 in our calculation results in an atmospheric O 2 turnover time of about 1500 years in contrast to the 1200 years inferred from Bender et al. [1994b] . Given that these O 2 fluxes are most probably even lower during glacial conditions, this has some consequences when interpreting the d
18 O ATM signal of ice cores and its leads and lags relative to the other information deduced from the ice such as CO 2 or local temperature [Broecker and Henderson, 1998 ].
[39] Furthermore, our oceanic Dole effect is about 2% lower as in the work of Bender et al. [1994b] . This result certainly needs further investigation, for example with different ocean biosphere models like our terrestrial approach with different TBMs. In situ measurements performed at all U.S. JGOFS stations indicate, for example, a considerably lower relation between productivity inferred from 14 C incubated water samples and O 2 production than the one used in our model. The additional O 2 fluxes might be related to autorespirative processes such as photorespiration or the Mehler reaction in the ocean biosphere (M. Bender, personal communication, 2002) . The sensitivity experiment (50% larger O 2 fluxes and hence lower f-ratio) discussed above captures such a scenario and resulted in a 2% larger oceanic DE.
[40] Furthermore, it is planned to address the problem of the diverging isotope budgets of CO 2 and O 2 by using a mechanistic TBM built into the ECHAM model. This will also allow us to calculate synchronously over the daily cycle the isotopic composition of leaf and soil water together with the biospheric fluxes of O 2 and CO 2 [Cuntz et al., 2003a [Cuntz et al., , 2003b .
[41] The difference between D T and D O estimated from our standard experiment becomes as large as 10.7% instead of 4% in M. Bender's best guess (see Table 1 ). The difference has to be weighted by the relation between terrestrial and marine productivity. Even slight changes in the relation of P O and P T in the quaternary would then have a strong impact on the DE. The astonishing stability of the DE observed over the last two glacial interglacial cycles (±0.5%) argues for strong natural compensation effects between the different processes affecting the DE, at least on timescales beyond a few thousand years. Such compensating effects, however, might not operate over the next few hundred years when substantial anthropogenically induced changes may affect the Earth's climate and the terrestrial and marine biosphere. Process-based models of the Earth's Dole effect such as the one described here are needed to explore the factors responsible for the apparent stability of the Dole effect in the past, and to estimate possible shifts of the Dole effect in the future.
